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Abstract 

We analyzed iron and sulfur isotope compositions of polymetallic sulfides from an extinct 

hydrothermal mound near the Kings Triple Junction of the northern Lau basin belonging to a back-

arc basin for understanding the origin and mineral zoning processes in this study. Sulfides from the 

hydrothermal mound's pedestal slab consistingof chalcopyrite and pyrite show enrichment of heavy 

S-isotope (δ34SV-CDT= +8.3 to +9.6‰). Sphalerite-dominated chimney on the mound's slope also has 

variable δ34S values between +5.5 and +8.3‰ from central orifice to outer wall. These isotopic ratios 

indicate the substantial contribution of heavy isotope rich sulfate-S in seawater circulating within the 

mound. Low Δ33S values in these sulfides also indicate that the sulfate reduction is of thermal origin, 

with minimal or no role for microbes. Circulating seawater induced changes in fluid composition and 

post-depositional zone refinement of certain minerals can explain the variation in δ34S in different 

layers within the chimney and pedestal slab. The Fe-isotope compositions (δ56FeIRMM-014) show 

arange from –1.1 to –0.3‰ in the pedestal slab while they vary between –1.7 and –0.6‰ at different 

parts of the peripheral chimney section. We explain such changes are mostly due to redox processes 

and mineral zoning development during these sulfide deposit formation. The tree-like Fe-Mn oxide 

growth structures in the vicinity of the hydrothermal mound having a thin birnessite top layer and 

amorphous iron oxide bottom part show distinct δ56Fe values of –3.0 and –0.8‰, respectively. 
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1. Introduction 

Hydrothermal vent systems play a critical role in maintaining seawater chemical composition. 

They act as chemical reactors in adding and removing certain elements and thus maintain ocean 

chemistry. Removal of elements such as Mg and S from seawater and the addition of Fe has 

significant influence; however, their critical role remains largely uncertain (Elderfield and Schulz, 

1996). The average dissolved Fe content in seawater is in nM levels or lower (e.g. Conway et al., 

2016), but the hydrothermal fluxes are considered an important contributor to its budget. In general, 

the hydrothermal Fe precipitates close to the hydrothermal field (German and Von Damm, 2003). 

Earlier hydrothermal Fe fluxes are estimated to be as low as 0.4 to 2.9 % of the total influx 

(Elderfield and Schultz, 1996). However, recent estimates suggest that the hydrothermal contribution 

in the total dissolved Fe may vary from 2 to 75% (Conway and John, 2014; Tagliabue et al., 2010; 

Saito et al., 2013; Carazzo et al., 2013; Dauphas et al., 2017). The initial clue suggesting the crucial 

role of hydrothermal Fe is the correlation between excess 3He and Fe concentration (Boyle et al., 

2005). As hydrothermal fluids pass through the seafloor, they leach Fe from the surrounding rocks, 

yielding up to millimolar Fe concentrations, many orders of magnitude higher than deep ocean 

seawater. If all of this Fe remains dissolved in seawater, it would have a considerable impact on 

global ocean Fe concentrations (Dauphas et al., 2017). However, when hot and reducing 

hydrothermal fluids mix with the surrounding colder and more oxygenated seawater, nearly all 

hydrothermal Fe precipitates as oxyhydroxide minerals close to the hydrothermal vents (e.g., 

German and Seyfried, 2014). It was also suggested that a small portion of hydrothermal Fe couldbe 

stabilized within hydrothermal plumes through binding with dissolved and particular organic ligands 

(Bennett et al. 2008; Toner et al. 2009), and this hydrothermal Fe is transported to significant 

distances in the ocean (Toner et al., 2009; Wu et al., 2011; Saito et al., 2013; Resing et al., 2015; 

Fitzsimmons et al., 2014, 2017). Increased Fe concentrations due to hydrothermal activity arefound 

hundreds and thousands of kilometers from the vents (Conway and John, 2014; Resing et al., 2015). 

Thus hydrothermal iron is an integral part of the surface ocean productivity, especially in Fe-limited 

high nutrient low chlorophyll Southern Ocean (Tagliabue et al., 2010; 2014). The Fe isotope record 

(δ56Fe‰ IRMM-014 = [{(56Fe/54Fesample)/(
56Fe/54FeIRMM-014)}−1]× 1000) of Fe-Mn crusts do reveal 

that such deep sourced hydrothermal Fe might have been influential in the geological past as well 

(cf. Chu et al., 2006; Horner et al., 2014). The Fe isotope compositions of hydrothermal iron are 

generally 54Fe-enriched, with δ56Fe values from –0.2 to –0.3‰ (Beard et al. 2003; Rouxel et al. 

2004, 2008, 2016; Severmann et al. 2004; Sharma et al. 2001). The buoyant plume particles 

dominated by oxyhydroxides are enriched in heavier Fe isotopes (Severmann et al., 2004), while the 
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sulfide particles with lighter ones (Bennett et al., 2009; Rouxel et al., 2016). Conway and John 

(2014) have shown evidence from the Trans-Atlantic Geotraverse (TAG) vent site that the 

hydrothermal plume particles not in the immediate vicinity also are characterized by 54Fe 

enrichment. Most of the Fe isotope studies on hydrothermal vent fluids or deposits are from the -

mid-ocean ridge settings. Therefore, it is vital to characterize isotope compositions of hydrothermal 

deposits from various geological settings such as back-arc basins to assess the complete spectrum of 

the associated processes and understand the more extensive influence on marine chemistry. 

The subduction of the western part of the Pacific plate has led to the development of several 

active arc-trench systems and marginal basins (e.g., Lau, Fiji, Woodlark, Manus basins, Mariana, 

Soufugan, Izu-Bonin, Okinawa troughs, etc.), which are well known for hydrothermal mineral 

deposits (Fouquet et al., 1991; Lisitsyn et al., 1992; 1993; Glasby and Natsu, 2003; Paropkari et al., 

2010; Sun et al., 2012). Earlier, several studies have addressed these hydrothermal deposits' 

formation mechanisms, mostly based on mineralogy and elemental geochemistry (Lisitsyn et al., 

1992; Humphriset al., 1995; Paropkari et al., 2010; Ray et al., 2014; 2018). However, to know the 

evolutionary history of any hydrothermal deposit, it is essential to understand processes involved in 

the fluid generation and mineral precipitation (Janecky and Shanks, 1988; Tivey et al., 1995; Rouxel 

et al., 2008). Recent studies have shown that the isotopic compositions of hydrothermal deposits are 

useful proxies of geochemical reactions responsible for the evolution of these deposits (Johnson et 

al., 2004; Rouxel et al., 2004; 2008, Zeng et al., 2017; Li et al., 2018). Notably, the stable isotopic 

ratios of commonly available elements like Sand Fein hydrothermal deposits could provide 

information about the nature of source materials and reaction conditions prevailing during the 

genesis of these deposits (Rouxel et al., 2004, 2008). As infiltrated seawater and basement rock are 

the primary sources of S for generating hydrogen sulfide in hydrothermal fluids, the S-isotopic 

compositions of sulfide minerals are useful in tracing the water-rock interactions involved in 

subsurface reactions (Shanks, 2001). Similarly, the temperature, pH, Eh, and chemical composition 

of fluids control hydrothermal Fe precipitation (Severmann et al., 2004). Thus the Fe-isotope ratios 

in hydrothermal deposits could reflect those conditions. Despite several geochemical studies on 

hydrothermal deposits from the marginal basins in the western Pacific, such deposits' evolution based 

on isotope signatures ispoorly constrained. The effects of entrained seawater on the melting of the 

subducting plate resulting in hydrated melts and their involvement in hydrothermal processes and 

subsequent deposits are rarely addressed, particularly in back-arc settings.In this study, we analyzed 

Fe and S-isotopic compositions in different mineral zones of three hydrothermal structures from an 

extinct hydrothermal mound near the Kings Triple Junction (KTJ), the northern Lau Basin. The 



 4 

compositions of source fluid and the possible mode of formations of these hydrothermal deposits are 

inferred in the light of these isotope compositions.  

2. Geological settings of Kings Triple Junction and its surroundings in the Lau basin 

Lau Basin is one of the marginal basins in the southwest Pacific Ocean separating the Tonga 

arc-trench system from the Lau ridge. The tectonic setting of this back-arc basin is defined by the 

Pacific plate's subduction under the Indo-Australian plate towards the east. The northern part of this 

basin is characterized by very high subduction rates of 120-145mm/yr (Hawkins, 1995). In the 

northeastern part of this basin, three spreading axes meet at Kings Triple Junction (KTJ) (15°30'S, 

174°50'W), which is also known as Mangatolu Triple Junction (MTJ). Earlier investigation showed 

that the KTJ and the northern Lau back-arc basin have a complex geophysical setting where 

spreading centers overlap on each other and develop typical ridge-ridge-ridge type triple junction 

(Fig. 1, Hawkins, 1995). Parsons and Tiffin (1993) described the KTJ as an intensely deformed 

neovolcanic area. The axial ridges have narrow rift valleys, and from the KTJ, three valleys deepen 

towards the south, southeast, and northeast (Fig. 1, Lisitsyn et al., 1992). The average seafloor depth 

of the area around KTJ is between 1800 and 2500m. Rocks from KTJ and nearby areas are mostly 

basaltic to basaltic-andesite type (Dril et al., 1997). Typical andesitic lava was sampled from the base 

of the sulfide mound (Falloon et al., 1992). Detailed descriptions of the hydrothermal field at KTJ 

and its different structures are described by Paropkari et al (2010).   

3. Sampling and sample description 

During the 19th cruise of RV Akademik Mstislav Keldysh in 1990, the hydrothermal field near 

KTJ was explored thoroughly with the MIR submersible. At the water depth of 2050 m, a large 

extinct field of an approximate dimension of 2 km in length and 200 m in width on the northwest 

segment of KTJ (15°23.2'S, 174°40.1'W, Fig. 1, Lisitsyn et al., 1992) was photographed and 

sampled. A schematic of the extinct hydrothermal field and sampled regions are shown in Fig. 2a. 

Mostly, polymetallic sulfides and oxides were sampled from that field during the MIR dive (M2226). 

For the present study, three types of hydrothermal deposits, viz., peripheral chimney, pedestal slab, 

and ferromanganese oxides (Fig. 2c to e) from that extinct field, have been selected. 

The first sample, M2226-5, is a Cu and Fe-rich sulfide from a vertical section of the pedestal slab, 

representing the hydrothermal mound's main basement. Sub-sampling of this section for isotopic 

analyses was made based on small scale mineral zonings shown in Fig. 2d. Among four layers (L1 to 

L4, Fig. 2d) of this section, L1 represents a deeper layer, while porous L4 corresponds to the surface 

layer. All the pedestal slab layers mostly contain chalcopyrite and pyrite (Figs. 3a and b). However, 
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the dark-colored L3 layer isdominated by sphalerite (Figs. 3c and d) and, therefore, differs from the 

other three layers geochemically (Paropkari et al., 2010).  

The second sulfide sample, M2226-6, was obtained from a 0.7m tall hydrothermal chimney on the 

mound's slope. A 2cm thick horizontal section of this Zn-rich chimney (Fig. 2b) was used in this 

study. Six sub-samples (S1 to S6, Fig. 2c) with a width of ~1.5 cm each from the outer rim to the 

inner orifice were collected across this chimney section. Mineralogical analyses of individual sub-

samples show that all of them are mostly composed of sphalerite (Table 1) with traces of pyrite and 

chalcopyrite (Paropkari et al., 2010). Secondary Electron Microscope images also reveal massive 

sphalerite with some patches of amorphous silica growths within these sections (Figs. 4a and 4c). 

Based on mineral assemblage and elemental compositions, a previous investigation indicated this 

light brown chimney section represents a low-temperature white smoker (Paropkari et al., 2010).  

Several small tree-like ferromanganese oxide growths within the pillow basalts surround the 

hydrothermal mound (Fig. 2). This area is referred to as the "Christmas Tree" field (Lisitsyn et al., 

1992). The Fe-Mn-oxide sample, M2226-12 (Fig. 2e),was obtained from a small oxide growth. In the 

two-layered structure of this oxide deposit, about 2-3cm thick top black coating (B-12; Fig. 2e) 

mostly contains birnessite (7Å manganate), while the orange-colored lower layer (O-12; Fig. 2e) 

contained amorphous Fe-Si-oxyhydroxide (Paropkari et al., 2010). Secondary Electron Microscope 

observations  revealed that the B-12 layer comprises tiny globular or rosette-like particles (Fig. 5), 

similar to typical hydrothermal Mn-oxide deposits described at the Valu Fa Ridge of the southern 

Lau basin (Sun et al., 2012). The O-12 sample consisted of porous and fragile material (Fig.5). 

Samples from both layers were analyzed for Fe-isotope compositions.  

4. Analytical methods   

4.1. Analysis of Fe isotopic composition 

Iron isotopic compositions were measured using a Multi-Collector-ICPMS (Nu plasma-HR) at 

CSIR-National Geophysical Research Institute, Hyderabad, India. In this method, 20 mg of dry 

powdered samples andreference standards were digested with an ultrapure acid mixture 

(HF:HNO3:HClO4: 7:3:1) and ultra sonicated. The Fe fractions from the digested aliquots were 

purified using 10ml of 2N HCl and 0.001% H2O2 mixture and AG-MP1 anion exchange resin 

(Marèchal et al., 1999). The recovery of Fe was more than 97% based on the estimations on 

reference standards BCR-2 and IF-Gusing Atomic Absorption Spectroscopy. The eluted fractions 

were evaporated and re-dissolved in 2% ultra-pure HNO3. All the chemical procedures are carried 

out in clean laboratory facilities equipped with class 100 laminar flow hoods. The Fe isotopic 
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analysis was carried out on a Nu HR MC-ICP-MS using pseudo-high-resolution mode with a 

resolution of about 5000. Standard-Sample-Bracketing (SSB) method was employed (Albarede and 

Beard, 2004) using IRMM-014 as the standard reference material. The long term precision on 

IRMM-014 is ±0.04‰ (1σ, n = 71). Both sample and standard solutions were analyzed repeatedly (n 

=3 to 5), and the average, standard deviation values (1σ) of these replicate analyses are reported. The 

Fe isotope results are reported as δ56Fe (‰) relative to standard  IRMM-014 as δ56FeIRMM-014 

=[{(56Fe/54Fesample)/(
56Fe/54FeIRMM-014)}−1]× 1000. The geological standards BCR-2 and IF-G 

analyzed along with samples yielded 56Fe values of 0.04±0.06‰ (1, n=5) and 0.71±0.07‰ (1, 

n=5) against the reported values of 0.039±0.03‰ (1) and 0.63±0.10‰ (1), respectively (Dauphas 

and Rouxel, 2006).  

4.2. Analysis of S isotopic composition 

Bulk S-isotope ratios of all samples were determined usinga Thermo Delta V plus IRMS coupled 

with an elemental analyzer (EA1112) in continuous flow mode at CSIR-National Institute of 

Oceanography, Goa. A mixture of homogenized sulfide sub-sample and V2O5 in a tin capsule was 

completely combusted at 1150°C to produce SO2. Water vapor produced during combustion was 

trapped by using a moisture trap. The SO2 was separated from other gases such as N2 and CO2 on a 

packed GC column at a temperature of 60°C. The stable isotopic compositions are reported with 

conventional delta notation, standardized to Vienna-Canyon Diablo Troilite (V-CDT) standard 

(Coplen and Krouse, 1998) as δ34SV-CDT = [{(34S/32Ssample)/(
34S/32SV-CDT)}−1] × 1000. IAEA standards 

SO-5 (BaSO4: +0.5‰ V-CDT), SO-6 (BaSO4: −34.1‰V-CDT), NBS127 (BaSO4: +22.3‰ V-CDT), 

S-1 (Ag2S: −0.3‰ V-CDT) and S-2 (Ag2S: +22.7‰ V-CDT) were used for the preparation of 

calibration curves. The reproducibility (1σ) as determined through replicate measurements is better 

than ±0.3‰, and the accuracy is well within the precision limits. 

Two representative samples from pedestal slab and chimney (i.e., L3 and S6 respectively) have 

also been analyzed for multiple S-isotopes (32S,33S, 34S, and 36S) at the Stable Isotope Laboratory of 

McGill University. Sulfur in sulfide samples was converted to Ag2S through a Cr(II) reduction 

procedure following Canfield et al. (1986). The extracted Ag2S was then fluorinated at 225°C in a Ni 

bomb under ~20× stoichiometric excess of F2 for >9.0 hrs to produce SF6, which was then purified 

cryogenically and chromatographically and analyzed on a Thermo Electron MAT 253 Mass 

spectrometer for multiple sulfur isotope ratios in a dual-inlet mode. S-isotope compositions (δ33S, 

δ34S, δ36S, Δ33S = δ33S−1000(1+ δ34S/1000)0.515−1 and Δ36S = δ36S−1000(1+ δ34S/1000)1.91−1) are 

reported with reference to V-CDT and reported in Table 1. The results were measured against 
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international standard reference material IAEA-S-1 (δ34S=−0.3‰ and Δ33S=−0.061‰) and estimated 

analytical maximum errors estimated by repeated measurement of standards for δ34S, Δ33S and Δ36S 

are 0.2‰, 0.02‰ and 0.2‰, respectively. 

5. Results 

5.1. S and Fe isotope compositions in pedestal slab 

The Cu and Fe-rich sulfides from the pedestal slab are characterized with heavier S-isotope (δ34S 

=+8.3 to +9.5‰ VCDT) and lighter Fe-isotopic compositions (δ56Fe =−0.33±0.02 to −1.14±0.05‰ 

IRMM-014, Table 1). Distribution of S-isotope composition shows lower values (δ34S ≤8.5‰) in top 

layers (L3 and L4) as compared to the deeper layers(δ34S>+9.5‰ in L1 and L2). The sphalerite 

dominated dark layer L3 has the most 34S depleted value (δ34S=8.3‰) with a Δ33S value of 

−0.014±0.007‰. The layers L1, L2, and L4 are rich in bulk iron contents (Fe wt. % =8.1 to 12.5%, 

Table 1) and show a close range of Fe-isotopic ratios (δ56Fe =−0.96 to −1.14‰, Table 1). Sample L3 

is relatively depleted in Fe (2.9wt. %)but has a distinctly enriched δ56Fe value of −0.33 ±0.02‰ 

(Table 1) compared to all the layers. 

5.2. S and Fe isotope compositions in the peripheral chimney 

Similar tothe pedestal slab, the sphalerite-dominated peripheral chimney samples showed δ34S 

values ranging between +5.5 and +8.3‰; while theδ56Fe ranged between −0.62±0.05and 

−1.70±0.01‰. Variations of both Fe and S-isotopic ratios are large from the outer rim (S1) to inner 

orifice sections (S5 or S6) across the chimney-wall. The δ34S values show a gradual increase from 

outer rim (+5.5‰ in S1) towards orifice (+8.1 and +8.3‰ in S5 and S6 respectively), significantly 

higher than the analytical precision of ±0.3‰ (Table 1). The sulfide from layer S6 has a Δ33S value 

of 0.009‰. The distribution of Fe-isotope composition did not show any specific trend across this 

chimney wall. Among the chimney sections, S6 encircling the fluid orifice showed maximum 

enrichment of lighter Fe isotopes (δ56Fe= −1.70 ±0.01‰); while the outermost section, S1showed 

heavier isotopic composition (δ56Fe= −0.62 ±0.04‰) (Table 1).  

5.3. Fe isotope composition in ferromanganese-oxide growths within pillow basalts 

Analyses of Feisotopes in the samples from O-12 and B-12 layers of ferromanganese oxide 

growth showed isotopically lighter compositions. The orange-colored Fe-rich (bulk Fe =14.5wt. %) 

ochre, O-12 from the lower part of the oxide growths had δ56Fe value −0.81±0.02‰. However, the 

black manganese-rich (bulk Mn =32.2wt.%) surface layer, B-12, showed the lowest δ56Fe value of 

−3.0±0.10‰ (Table1). 



 8 

6. Discussion 

6.1. S and Fe isotope compositions in pedestal slab: Evidence for zone refinement  

The δ34S values of all four layers of pedestal slab, M2226-5, (δ34S =+8.3 to+9.8‰) are lying 

within the range (δ34S =−2.0 to +11‰) of hydrothermal sulfides deposited in back-arc systems 

(Gemmell et al., 1996; Herzig et al., 1998); but are heavier than most of the sulfides from sediment-

free mid-oceanic ridges (δ34S =−0.8 to +6.2‰, e.g.,Styrtet al., 1981; Shanks and Seyfried, 1987; 

Woodruff and Shanks, 1988; Bluth and Ohmoto, 1988; Duckworth et al., 1995; Herzig et al., 1998; 

Rouxel et al., 2004; Zeng et al., 2017). Different sources and precipitation mechanisms of 

hydrothermal fluid have been proposed to explain the variations of δ34S values in sulfides (e.g., 

Woodruff and Shanks, 1988; Janecky and Shanks, 1988; Shanks, 2001; Ono et al., 2007; Rouxel et 

al., 2008). In hydrothermal deposits, sulfur is usually contributed from two primary sources: (i) 

leaching of igneous rocks and (ii) reduction of seawater-sulfate. The reduced sulfur originating from 

very high-temperature hydrothermal reactions has isotopic ratios, δ34S<+5.0‰ (Styrt et al., 1981). 

However, a further increase in δ34S values could result from the subsurface reduction of seawater 

sulfate (δ34Ssulfate =+21‰, Rees et al., 1978)or dissolution of anhydrite in the up-flow zone of 

hydrothermal mounds. Chiba et al. (1998) interpreted higher δ34S values of +6.6 to +8.8‰ in sulfides 

from the Trans-Atlantic Geotraverse (TAG) hydrothermal mound as a result of reduction of aqueous 

sulfate andanhydrite in the reaction zone. It appears that a similar isotopic fractionation mechanism 

influenced by percolating seawater is responsible for the isotope compositions of the KTJ sulfides. 

The coexistence of barite with sulfide minerals in layers L1 and L2 (Paropkari et al., 2010) also 

substantiates the contribution of seawater in hydrothermal mineralization of sulfides. Besides direct 

percolation of seawater, the subduction of hydrated crust and sediments also carries seawater 

components and thus contribute heavy S-isotope in magmatic melts, particularlyin back-arc settings. 

In the pedestal slab of the KTJ mound, the sulfides in deeper layers (L1 and L2) are characterized 

by higher δ34S values (>+9.6‰) as compared to shallow layers (L3 and L4) (δ34S <+8.5‰). Such S-

isotope variations could originate from sub-surface reactions between pre-existing sulfate or sulfide 

deposits and re-circulating fluid (Janecky and Shanks, 1988). In the KTJ mound, Paropkari et al. 

(2010) proposed that the subsurface zone refinement mechanisms mediated by percolated seawater 

are responsible for the mineral and trace element distributions in the pedestal slab. By these 

mechanisms, seawater circulating within the mound causesrapid precipitation of chalcopyrite and 

pyrite in deeperlayers and generates acidic fluid, which dissolves and remobilize certain elements 

(e.g., Zn) towards the near-surface zone (Tivey et al., 1995; Wagner and Cook, 1998; Paropkari et 

al., 2010). Such remobilization process probably carries lighter S-isotopes to the fluid phase, which 
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likely ascends upward along with dissolved Zn, which is reflected in the moderate negative 

correlation between bulk Zn concentrations and δ34S values (R2 =0.63) in these layers of the pedestal 

slab (Fig. 6a). We propose that the sphalerite layer- L3 represents the precipitation front of Zn-

sulfide developed during zone refinement. The lower δ34S values (+8.3‰) and relative increase of 

Zn concentration in L3, compared to deeper layers (Table 1), confirm the fractionation mechanism 

mediated by seawater circulating within the mound.  

The Fe-isotope compositions in the four layers of the pedestal slab also show a considerable 

variation (δ56Fe =–0.33‰ to –1.14‰; Table 1) but lie within the range found in hydrothermal 

sulfides from 9-10°N EPR (δ56Fe =–0.06 to –1.89‰; Rouxel et al., 2008), JdFR, and MAR (δ56Fe=–

0.3 to –1.4‰; Sharma et al., 2001). These estimated ratios show that the pyrite and chalcopyrite rich 

layers of the pedestal slab (i.e., L1, L2, and L4) have significant lighter compositions (δ56Fe= –0.96 

to –1.14‰); while the sphalerite dominated layer, L3, has distinctly different Fe-isotopic ratio with 

heavier isotope enrichment (δ56Fe=–0.33‰). Earlier studies showed that the high temperature 

(>300°C) sulfides like chalcopyrite (a dominant mineral in the pedestal slab) are characterized by 

limited Fe-isotope fractionation usuallydue to rapid establishment of isotopic equilibrium between 

Fe(II)aq, FeSaq, and CuFeS2 (Rouxel et al., 2008 and references therein). Thus the average Fe-isotopic 

composition of hydrothermal chalcopyrite mostly lies within the limit of δ56Fechalcopyrite= 0.12±0.24‰ 

(Li et al., 2018). Therefore, compared to this average ratio of chalcopyrite, the lighter Fe-isotope 

compositions of sulfides in L1, L2, and L4 layers cannot be explained based onlyon chalcopyrite 

precipitation mechanism, and the contribution from the coexisting pyrite should also be considered. 

Experiments with synthetic and natural pyrite samples showed that the ligand exchange between 

dissolved Hexa-aqua Fe(II) complexes and Fe-sulfides generates isotopically lighter hydrothermal 

iron-sulfides (Butler et al., 2005; Rouxel et al., 2008; Bennett et al., 2009, Guilbaud et al., 2011). 

Hence, the observed lighter Fe-isotope compositions in the layers L1, L2, L4 might be due to the 

dominant impact of rapid precipitation kinetics of iron sulfide (pyrite) from dissolved Fe(II)aq in the 

hydrothermal fluid. It is expected that the Fe sulfide precipitation is not very fast in subsurface 

reaction zones; however, in back-arc settings, enhanced precipitation kinetics are possible mainly 

due to the cooling effect of the entrained seawater. The correlation between δ56Fe values and Fe 

concentrations (R2= 0.77, Fig. 6c) in the pedestal slab samples suggests that the pyrite formation 

kinetics are responsible for the observed δ56Fe values. A weak correlation between δ56Fe and Cu (R2 

= 0.45, Fig. 6d) in these samples points to the effect of equilibrium fractionation associated with 

chalcopyrite precipitation. Significant depletion of lighter Fe-isotopes in the Fe-poor L3 layer could 

be due to the absence of primary Fe-bearing sulfides. 
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The distribution of Fe-isotopic compositions showed a systematic decrease in δ56Fe values from 

the layers L3 to L1 (Table 1). Post-depositional zone refinement, a typical process mediated by 

seawater entrained within the hydrothermal mound, causes conductive cooling in the deep sub-

surface zones (Paropkari et al., 2010). This process allows relatively fast precipitation of Fe-sulfides 

and,therefore, enrichment of 54Fe in sulfide phases. This kinetic effect is expected to become less 

prominent as the temperature of circulating seawater increases during its upwards percolation. 

Besides this temperature effect, the redox changes also affect Fe isotope fractionation. A recent study 

indicates that abiotic redox changes affect the hydrothermal mixing processes (McDermott et al., 

2020). The transfer of Fe from ferrous to ferric under biological and abiological conditions induces a 

fractionation of +1.5 to 3.2‰ (Croal et al., 2004, Swanner et al., 2017; Welsch et al., 2003). The Ce 

anomalies are important proxies for paleo redox conditions because Ce(IV) is insoluble compared to 

Ce(III) and adsorbed onto the Fe and Mn hydroxides leading to Ce-depletion (German and 

Elderfield, 1990). The correlations between δ56Fe, δ34S, and Ce anomalies ofthe bulk samples 

(Figs.7a and 7b) suggest that the kinetics of Fe-sulfide re-mineralization varied with the reducing 

nature of the fluid at different depth zones. These correlations are more pronounced for the samples 

of the pedestal slab than in the peripheral chimney. The ascending circulating seawater is expected to 

become more oxidized, resulting in higher Ce anomalies and reduced fractionation between Fe-

dissolved and Fe-precipitated. Therefore, possibly the higher concentrations of dissolved sulfides/bi-

sulfides at a deeper subsurface environment are also expected to enhance the precipitation kinetics of 

Fe-sulfides. The influence of seawater-mediated re-mineralization will be quantitatively more in the 

deeper part of the mound and gradually decrease towards the upper levels. The L3 layer has the 

maximum sphalerite content with minimal Fe (2.8 wt. %), indicating re-mineralization is extensive. 

The δ56Fe=–0.33±0.02 ‰ of this sample suggests that the effect of kinetic isotope fractionation is 

least in the L3 layer. The 54Fe enrichment in theL4 (δ56Fe=–1.68±0.18 ‰) layer probably pointsthat 

the seawater induced post-depositional mineral zone refinement did not extend up to the surface 

layer of the hydrothermal mound or could be an indication of seawater alteration. We suggest that 

the subsurface process that controls the Fe-isotopic compositions of the pedestal slab sulfides is 

similar to the zone refinement mechanism described above for S-isotope distribution. 

6.2. S and Fe-isotope compositions in the peripheral chimney 

All six sub-samples of the chimney section (M2226-6/12) are enriched with 34S-isotope (δ34S= 

+5.5 to +8.3‰, Table 1) as compared to high-temperature hydrothermal sulfides from mid-oceanic 

ridges (δ34S<5‰, Styrt et al., 1981; Rouxel et al., 2004) but, are similar to those reported in the Vai-

Lili hydrothermal field in the Lau basin (δ34S>+7.2‰, Herzig et al., 1998) and the TAG 
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hydrothermal field (Chiba et al., 1998). Enrichment of 34S in these peripheral chimney samples 

suggests that the source fluid experienced subduction induced aqueous magmatic inputs with sulfate 

contribution from the seawater as proposed for the pedestal slab of the mound. 

The distribution of S-isotope across the chimney section shows a gradual increase of δ34S values 

fromthe outer rim, S1 (δ34S= +5.5‰) to the inner orifice, S6 (δ34S= +8.3‰, Table 1). Several studies 

have shown considerable S-isotopic variations within individual hydrothermal structures and were 

interpreted in terms of changes in fluid composition and mineral precipitation mode (Shanks, 2001; 

Rouxel et al., 2008). However, uniform mineral and elemental compositions in these chimney sub-

sections (Table 1) suggest no significant fluid composition change during their growth. Therefore, 

mechanisms involved in mineral formation at different growth phases might be responsible for the 

observed δ34S variations across the chimney wall. During the initial growth phase, the porous 

chimney wall remains cooler compared to the later consolidated walls that retain temperature 

(Paropkari et al., 2010). Thus, in the chimney's inner part, the sulfide precipitation under warmer 

conditions might favor more S-isotopic equilibrium between sulfide minerals and sulfate in the 

hydrated fluid. Such equilibrium conditions may lead to 34S enrichment in inner chimney wall 

minerals.  

The Fe-isotopic compositions of peripheral chimney sections are dominated with lighter values 

(δ56Fe = –0.62‰ to –1.70‰, Table 1). Massive sulfides of active vent sites are characterized by 

lighter δ56Fe values (Rouxel et al., 2004; 2008). The pyrite and marcasite generally have the lowest 

δ56Fe values, while the chalcopyrite close to 0‰.  Such light Fe-isotopic compositions are thought to 

indicate kinetic isotope fractionation during sulfide precipitation because the precipitation of pyrite 

under equilibrium conditions would result in 56Fe-enrichment. The experimental (Syverson et al., 

2013), observational (Polyakov et al., 2007; Polyakov and Sultanov, 2011), and theoretical 

(Blanchard et al., 2009)  all point out such 56Fe-enrichment under equilibrium conditions. The δ56Fe 

values of the sphalerite chimney samples are lighter than high-temperature Cu-rich sulfides in black 

smokers (avg. δ56Fechalcopyrite=–0.12 ±0.24‰, Li et al., 2018) but comparable to Zn-rich hydrothermal 

sulfides (δ56Fe =–0.31 to –2.00‰, Rouxel et al., 2008; Li et al., 2018), perhaps due to kinetic isotope 

fractionation. In our study, the δ56Fe values show a good correlation with Zn concentrations in these 

chimney sections (Fig. 6b), but they do not relate to Cu or Fe (Figs. 6c and 6d). Compared to the 

formation of Cu and Fe-rich hydrothermal sulfides, mineralization of sphalerite occurs under low-

temperature conditions. Thus, the kinetically controlled Fe-isotope exchange is primarily responsible 

for the lighter Fe-isotope enrichment in Zn-rich chimney sulfides (Rouxel et al., 2008). Paropkari et 

al. (2010) suggested this chimney on the KTJ mound slope is similar to lower temperature white-
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smoker based on mineralogy, elemental geochemistry, and physical features. Therefore, rapid sulfide 

precipitation from low-temperature fluids could have possibly caused the kinetic isotopic 

fractionation with preferable enrichment of lighter Fe-isotope in the chimney.  

The δ56Fe values across the chimney wall samples show maximum enrichment of 56Fe isotopes 

(δ56Fe =–0.62‰) at the outermost rim (S1) and gradually decreasedin the intermediate sections (S2 – 

S5, δ56Fe =–0.97 to –1.38‰) and have the lowest value (δ56Fe = –1.70‰) for the innermost orifice 

section (S6, Table 1). Despite comparable mineralogical composition, the observed variation of Fe-

isotopic composition in all these chimney section samples is significant. Like S-isotope 

compositions, this variation in Fe-isotopic compositions could also result fromchanges in reaction 

kinetics during chimney development. The higher δ56Fevalue for the outermost rim sample of the 

chimney (section S1), which predominantly comprises fine-grained sulfides and amorphous silica, 

could result from instantaneous precipitation of sulfides during the initial phase of chimney growth. 

The high δ56Fe value for sample S1 (δ56Fe= –0.62‰) being similar to the average range of Fe-

isotope ratios reported for typical hydrothermal fluids (δ56Fe= –0.59±0.39‰, Li et al., 2018) 

indicates equilibrium Fe isotopic exchange between the source fluid and sulfide phase. However,the 

low δ56Fe values of the inner wall samples (S2–S6, δ56Fe =–0.97 to –1.70‰) may indicate 

thermodynamically controlled fractionation, a result of precipitation of 56Fe-enriched sulfides in the 

initial phases leaving the fluid enriched in lighter Fe isotopes. The scattered correlations among δ56Fe 

and Fe, Cu, Zn (Fig. 7 b,c,d) coupled with low δ56Fe values may indicate that the isotopic exchange 

may be through kinetic fractionation. Thus, kinetically controlled processes might be responsible for 

enhanced isotopic fractionation with preferential enrichment of lighter Fe-isotopesin inner chimney 

section sulfides 

6.3 Implications of multiple S isotope compositions of sulfides 

Multiple S-isotope compositions of hydrothermal sulfides from the East Pacific Rise and the Mid-

Atlantic Ridge gave evidence for an interplay among seawater, oceanic crust, microbial activity 

during hydrothermal activity (Ono et al., 2007). The two samples (L3 and S6) analyzed in this study 

for multiple S-isotopes yielded Δ33S values of 0.014±0.007 and 0.009±0.004‰, respectively. These 

values are substantially lower than typical biogenic sulfides (Δ33S =0.05 to 0.34‰, Ono et al., 2006) 

but resemble more the sulfides of thermogenic origin (Δ33S<0.045‰, Ono et al., 2007). These results 

suggest that the role of microbial sulfate reduction is absent in these Lau Basin sulfides of back-arc 

settings. 
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6.4. Fe-isotopic compositions in the ferromanganese oxide growth: Constraints on possible 

development 

The sample M2226-12 represents the ferromanganese oxide growths on the seafloor around the 

KTJ mound. A previous study on mineralogy and geochemistry of this oxide indicates that they are 

formed by the precipitation of low temperature diffused fluid flow emanated through fractures within 

the pillows (Paropkari et al., 2010). Notably, low trace metal concentrations (e.g., Cu ~100 ppm, Ni 

<88ppm, Co <4.0ppm; ∑REE <1.9ppm), negative Ce, and positive Eu-anomalies (Table 1) of these 

oxide samples are similar to typical hydrothermal ferromanganese oxide deposits (ibid). The Fe-

isotope composition in the sample from the bottom part of the oxide growth, O-12 (δ56Fe= –0.81‰) 

was comparable to other hydrothermal oxides (Bullen et al., 2001; Welch et al., 2003; Moeller et al., 

2014); but the exceptionally light isotopic composition of dark surface layer, B-12 (δ56Fe=–

3.01±0.01 ‰) was lighter than any previous records. Within an individual deposit, such a variation 

in Fe isotopic compositions indicates diverse modes of oxide precipitation responsible for developing 

these two layers. 

Oxidative precipitation of hydrothermal ferromanganese oxide usually follows a two-step 

mechanism, which includes initial oxidation of dissolved Fe(II)aq into intermediate Fe(III)aq, followed 

by precipitation of Fe-oxyhydroxide (Bullen et al., 2001; Welch et al., 2003; Beard and Johnson, 

2004). Thus, Fe-isotopic compositions of such oxide deposits are controlled by the isotopic 

fractionations due to Fe(II)aq-Fe(III)aq equilibration and kinetics of Fe-oxyhydroxide precipitation. 

Laboratory-based experiments show the Fe(II)aq–Fe(III)aq equilibrium produce isotopically heavy 

Fe(III) (Δ56FeFe(III)-Fe(II)>+3.00‰), while subsequent rapid precipitation of Fe-oxide is responsible for 

a fractionation to lighter isotopic compositions (Δ56FeFe(III)oxide-Fe(III)aq=–2.00‰). Overall there is a 

+1‰ fractionation in the transformation from Fe(II)aq to Fe(III)oxide (Beard and Johnson, 2004). 

Under various experimental conditions, the kinetic fractionation associated with the transformation 

of Fe(III)aq to Fe(III)oxide is reported to vary between 0.03 to 1.67‰ (see Skulan et al., 2002; Clayton 

et al., 2005; Balci et al., 2006). This kinetic isotope fractionation is dependent on (i) the temperature, 

(ii) the nature of the precipitating phase (e.g.,ferrihydrite, hematite, etc.) (Beard and Johnson, 2004) 

and (ii) concentration of  Fe in the solution, anion ligands, precipitation rate (Balci et al., 2006). In a 

natural system, these values may differ due to several factors. However, the measured lighter Fe-

isotope compositions in both oxide layers indicate initial aqueous phase Fe(III)aq–Fe(II)aq equilibrium 

fractionation should have resulted in δ56Fe of Fe(III)aq to be close to 0 to 1‰ considering a 

fractionation associated with the transfer of Fe(III)aq to Fe(III)oxide to be between –1 and –2‰. It is 

pertinent to mention here that the δ56Fe of Fe(III)aq of deep seawater varies between +0.2 to 



 14 

+0.8‰(Conway and John, 2014). A large range in δ56Fe values (–1.8 to 1.6‰) was observed in low-

temperature hydrothermal plumes (Moeller et al., 2014; Rouxel et al., 2018). The higher δ56Fe values 

are explained by partial oxidation of Fe in vent fluids under the influence of microbes. In 

comparison, the lower values are thought to reflect the low-temperature hydrothermal fluids due to 

prior precipitation of heavy Fe oxides leading to 54Fe enrichment in the fluid. Although the 

concentration of iron in deep seawater may be very low 0.2 to 0.4 mol kg-1 (Conway and John, 

2014), the hydrothermally generated Fe(III) would mix with the ambient Fe, and hence the Fe(III)aq 

near the KTJ might have slightly positive δ56Fe values. It is suggested here that rapid precipitation of 

such Fe(III)aq to Fe(III)oxide at the KTJ has resulted in the 56Fe depleted Fe isotope compositions of 

the oxides near the hydrothermal mound. 

The SEM images showed abundant fossil bacterial filaments /networks encrusted with metallic 

oxides in the O-12 sample (Figs. 5a, b, c). Studies showed that other than abiotic oxidation, 

hydrothermal fluid precipitation can also be influenced by various microbial processes in the redox 

cycle of iron (Alt, 1988; Boyd and Scott, 2001; Emerson and Moyer, 2002; Edwards et al., 2011) and 

such bacterial oxidation can result in precipitation of 56Fe-rich hydrous Fe-oxide (Croal et al., 2004). 

The fossilized micro-filaments in the sample O-12 that look very similar to those reported in other 

low-temperature hydrothermal oxides (e.g., Fortin et al., 1998; Boyd and Scott, 2001; Reysenbach 

and Cady, 2001; Emerson and Moyer, 2002; Sun et al., 2012) confirm the involvement of  Fe-

oxidizing bacteria in oxide precipitation. In contrast, the 56Fe-depleted black colored sample B-12 

layer (δ56Fe=–3.00‰) at the top of this oxide layer show botryoidal (Figs. 5d and 5e) or rosette-

shaped (Fig. 5f) birnessite, and no remnants of microbial communities were found. It is suggested 

here that after emanation of fluid through fissure openings,the significant fraction of dissolved 

Fe(II)aq undergoes microbial oxidation and precipitation, leaving isotopically lighter-Fe in the 

residual fluid. Later in the water column, Mn-oxide colloids formed and absorbed lighter Fe-isotopes 

and precipitate as the B-12 layer on the top of O-12. A similar mechanism for the genesis of 

hydrothermal oxide has been described by Zeng et al. (2012) in the PACMANUS field. 

Alternatively, the particles from the hydrothermal plume in the water column may also contribute to 

the depleted 56Fe in the B-12 layer, as reported by Severmann et al. (2004) in the Rainbow field. 

7. Conclusions 

In the present study, Fe and S-isotopic compositions were estimated in three types of 

hydrothermal deposits from an inactive mound at northern Lau basin, and we addressed the 

following critical aspects of the formation mechanism of these deposits.  
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(1) The results indicate that the seawater circulation through the hydrothermal reaction zone 

played a significant role in forming these hydrothermal deposits in a marginal basin. Thus, 

subduction-induced hydrothermal reactions mediated by higher seawater-rock ratio contribute a 

considerable fraction of sulfate sulfur and influence metallic sulfide precipitation. The Fe and S 

isotopic compositions of these back-arc sulfide deposits are mainly influenced by redox processes, 

zone refinement, and thermal sulfate reduction. 

(2) The highly variable Fe and S-isotope compositions of different deposits point to a common 

hydrothermal source, but their mode of formation is distinct in each deposit type. Similarly, the 

variable isotopic compositions at different parts or mineral zones within individual deposits also 

originate due to temporal changes of fluid composition and formation process during the growth of 

these deposits.  

(3) Both Fe and S-isotope ratios in sulfides suggest rapid precipitation rates causing kinetically 

controlled isotopic fractionation with a limited role for isotopic equilibrium exchange between 

sulfide and fluid phase. The effects of Fe-isotopic disequilibrium are also prominent in the 

ferromanganese oxide deposits in which both abiotic and biotic oxidation played a crucial role. 
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Figure captions: 

 

Figure 1.  (a) Bathymetric map of the Lau Basin in the Southwest Pacific Ocean. The square 

showsthe location of the Kings Triple Junction (KTJ) in the northern Lau basin (modified after 

Paropkari et al., 2010). (b) Detailed seafloor features around the KTJ. The diving site of submersible 

M2226 shows the location of the extinct hydrothermal field. 

Figure 2. (a) Schematic diagram of the extinct hydrothermal mound near KTJ,showing its 

approximate dimension. (b) Diagram of the peripheral chimney, M2226-6. (c) Six sub-sections (S1 

to S6) of the lateral section, M2226-6/12 of the hydrothermal chimney. (d) Four layers (L1 to L4) of 

the vertical section of the pedestal slab, M2226-5, of the main mound. (e) Two layers (B-12 and O-

12) of oxide growth, M2226-12, from the "Christmas Tree" field (modified after Paropkari et al., 

2010). 

Figure 3. SEM-EDS results of L4 and L3 layers in pedestal slab. (a) Image of large chalcopyrite 

crystals in the top L4 layer. (b) EDS pattern of chalcopyrite crystals. (c) Sphalerite crystals in the 

intermediate dark layer L3 and (d) corresponding EDS pattern. 

Figure 4. SEM-EDS results of particles from the chimney section, M2226-6/12. (a) Image of 

euhedralsphalerite crystal in the intermediate section, S4 of the chimney wall,and (b) corresponding 

EDS plot. (c) Globular colloform silica within sphalerite crystalsin the outermost rim of the chimney 

(section S1). (d) EDS patterns for silica deposits.  

Figure 5. SEM images of O12 (a-c) and B12 (d-f) layersof ferromanganese oxide, M2226-12. The 

images of O-12 show fossilized microbial growths with Fe-oxide coatings. B-12appeared as an orb-

like structure, and further magnified images show a crystalline network of typical birnessite. 

Figure 6. Plots showing the relation between isotope compositions and bulk elementals 

concentrations in pedestal slab and peripheral chimney. (a) δ34S vs. Zn; (b) δ56Fe vs. Zn; (c)δ56Fe vs. 

Cu and (d) δ56Fe vs. Fe. 

Figure 7. Plots of Fe and S-isotope compositions against cerium anomaly in bulk sub-samples of 

sulfidedeposits from pedestal slab and peripheral chimney. A good co-relation between Fe-isotope 

and Ce-anomaly indicates redox control in Fe-isotope fractionation. 
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Table 1: Mineralogy, major and trace element concentration, and isotopic compositions of sulfur and 

iron in the sub-samples of pedestal slab, peripheral chimney, and Fe-Mn-oxide growth.The 

mineralogical and elemental data are from Paropkari et al., 2010.  

 

*Py: Pyrite; Chl: Chalcopyrite; Ba: Barite; Sph: Sphalerite; Bir: Birnessite; Amp ox: Amorphous Fe-oxide. 

 

 

 

 

 

 
Pedestal slab Peripheral chimney  Oxide growth 

 
(M2226-5) (M2226-6/12) (M2226-12) 

Sub-samples L1 L2 L3 L4 S1 S2 S3 S4 S5 S6 B-12 O-12 

Major minerals* 

Py, 

Chl, 

Ba  

Py, 

Chl, 

Ba  

Sph 
Py, 

Chl 
Sph Sph Sph Sph Sph Sph Bir 

Amp 

ox 

Mn (%) 0.02 0.01 0.03 0.02 0.03 0.06 0.04 0.04 0.03 0.03 32.2 0.09 

Fe (%) 8.09 8.6 2.87 12.5 1.73 1.53 4.37 1.18 1.39 1.84 1.33 14.5 

Cu (%) 7.39 11.4 4.48 16.4 1.54 1.52 1.08 1.22 1.05 1.1 0.01 0.01 

Zn (%) 1.14 2.25 23.9 7.29 32.8 25.6 23.8 34 29.2 28 0.18 0.01 

Ni (ppm) 16.6 14.7 17.8 14.5 22.3 16.1 22 19.3 22.2 17.6 87.4 15.6 

Co (ppm) 0.49 0.48 0.45 0.45 0.65 0.6 0.72 0.49 0.71 0.5 1.56 3.83 

ΣREE (ppm) 16.3 7.39 0.93 5.86 1.12 0.77 0.79 0.91 0.65 0.71 1.66 1.88 

Eun/Smn 122 91.2 19.9 82.9 5.49 4.85 2.93 2.26 3.9 4.6 3.34 2.49 

Ce-anomaly 0.31 0.37 0.66 0.47 0.97 0.78 0.78 0.74 0.99 0.75 0.36 0.42 

δ34SV-CDT (‰) 9.6 9.8 8.3 8.5 5.5 6.9 7.5 7.9 8.1 8.3 NA NA 

δ33SV-CDT (‰)   4.55 

±0.004 
      

4.95 

±0.004 

  

δ34SV-CDT (‰)   8.84 

±0.004 
      

9.62 

±0.007 

  

δ36SV-CDT (‰)   16.66 

±0.09 
      

18.1 

±0.06 

  

Δ33S (‰)   0.014 

±0.007 
      

0.009 

±0.004 

  

Δ36S (‰)   –0.21 

±0.08 
      

–0.22 

±0.06 

  

δ56FeIRMM14 (‰) 

±SD (1σ) 
–1.14 

±0.05 

–0.96 

±0.12 

–0.33 

±0.02 

–1.11 

±0.01 

–0.62 

±0.04 

–1.38 

±0.11 

–1.31 

±0.10 

–0.97 

±0.03 

–0.99 

±0.07 

–1.70 

±0.01 

–3.01 

±0.10 

–0.81 

±0.02 

δ57FeIRMM14 (‰) 

±SD (1σ) 

–1.58 

±0.19 

–1.43 

±0.12 

–0.40 

±0.06 

–1.64 

±0.18 

–0.99 

±0.11 

–1.90 

±0.15 

–1.80 

±0.18 

–1.29 

±0.07 

–1.49 

±0.14 

–2.69 

±0.20 

–4.59 

±0.14 

–1.18 

±0.18 
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